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Abstract An extreme cold sea surface temperature event occurred in the Atlantic cold tongue region in
boreal summer 2009. It was preceded by a strong negative Atlantic meridional mode event associated with
north-westerly wind anomalies along the equator from March to May. Although classical equatorial wave
dynamics suggest that westerly wind anomalies should be followed by a warming in the eastern equatorial
Atlantic, an abrupt cooling took place. In the literature two mechanisms—meridional advection of subsur-
face temperature anomalies and planetary wave reﬂection—are discussed as potential causes of such an
event. Here, for the ﬁrst time we use in situ measurements in addition to satellite and reanalysis products to
investigate the contribution of both mechanisms to the 2009 cold event. Our results suggest that meridio-
nal advection is less important in cold events than in corresponding warm events, and, in particular, did not
cause the 2009 cold event. Argo ﬂoat data conﬁrm previous ﬁndings that planetary wave reﬂection contrib-
uted to the onset of the 2009 cold event. Additionally, our analysis suggests that higher baroclinic modes
were involved.
1. Introduction
2009 was an extreme year for the Tropical Atlantic (TA) [Foltz and McPhaden, 2010a]. In January and Febru-
ary, cold Sea Surface Temperature (SST) anomalies developed in the northern TA (128N–258N). Associated
with stronger than normal north-east trade winds, they triggered a strong negative Atlantic Meridional
Mode (AMM) event with anomalously cold Sea Surface Temperatures (SSTs) in the Northern Equatorial
Atlantic (NEA) (28N–128N) and anomalously warm SSTs along the equator (58S–28N) [Foltz and McPhaden,
2010a; Foltz et al., 2012]. The temperature gradient, that reached its peak in May, was associated with strong
north-westerly wind anomalies in the Equatorial Atlantic (EA) consistent with the wind-evaporation-SST
feedback [Carton et al., 1996; Chang et al., 1997] (Figure 1a). These wind anomalies drove anomalous upwell-
ing between 08N and 68N and enhanced the cooling in the central basin north of the equator during
March–April 2009 [Foltz et al., 2012]. The resulting inter-hemispheric SST gradient across the Atlantic equa-
tor was the strongest within the last 30 years [Foltz and McPhaden, 2010a].
According to classical equatorial wave dynamics, the westerly wind anomalies along the equator during
boreal spring should be associated with an anomalously weak Equatorial Undercurrent (EUC) [Brandt et al.,
2014], a weak eastward shoaling of the equatorial thermocline and an anomalously warm Atlantic Cold
Tongue (ACT) during boreal summer [Philander, 1986; Zebiak, 1993; Keenlyside and Latif, 2007]. Such warm
events are referred to as canonical events by Richter et al. [2013].
In 2009, however, an abrupt cooling of SST took place in the ACT region between May and August 2009,
resulting in a strong cold eastern equatorial Atlantic event [Foltz and McPhaden, 2010a] (Figure 1b). This
cold event was associated with an anomalously weak EUC across most of the basin and thus reduced supply
of the equatorial upwelling, typical for canonical warm events [Brandt et al., 2014; Johns et al., ]. The temper-
ature drop in the ACT region from the warmest ATL3 (208W–08E and 38S–38N) SSTs during April–May 2009
to the coldest ATL3 SSTs on record in August 2009 is unprecedented since satellite SST measurements
started in 1982 [Foltz and McPhaden, 2010a; Brandt et al., 2014] (Figure 1c).
Analyzing Sea Level Anomaly (SLA) data, Foltz and McPhaden [2010b] found that the anomalous north-
westerlies in the EA in boreal spring 2009 forced upwelling Rossby waves. Foltz and McPhaden [2010a] sug-
gested that the Rossby waves traveled westward during boreal spring and reﬂected at the western bound-
ary into upwelling equatorial Kelvin waves that propagated eastward and cooled SSTs along the equator
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during boreal summer. They sup-
ported their hypothesis with the
results of a continuously stratiﬁed lin-
ear wave model that resolves the ﬁrst
10 baroclinic modes and 15 meridional
modes (Kelvin and the ﬁrst fourteen
Rossby). While the forced Rossby
waves can be seen as a strong signal
in the observational and model SLA
data, the reﬂected Kelvin wave signal
is notably weaker in the observational
SLA data and hardly visible in the
model output. The importance of Kel-
vin wave propagation for the develop-
ment of the 2009 cold event is thus
not completely clear yet.
Richter et al. [2013] offered an alterna-
tive explanation for what they referred
to as noncanonical events, i.e., eastern
equatorial Atlantic warm (cold) events
that are—in contrast to canonical
events—associated with stronger
(weaker) trade winds in the western
equatorial Atlantic, such as in 2009.
They investigated warm events taking
place in the ACT region in boreal
summer that were preceded by warm
SST anomalies in the northern Tropical
Atlantic (TA) and an associated weak-
ening of the north-easterly trade winds
during boreal spring. The wind change
in the northern TA causes a positive
subsurface temperature anomaly
along 4N via Ekman pumping.
Richter et al. [2013] suggested that this subsurface temperature anomaly is then directly advected into the
ACT region by the prevailing equatorward meridional currents leading to positive SST anomalies along the
equator. They did not ﬁnd indications of Rossby wave reﬂection in the onset of the noncanonical warm
events.
The meridional ﬂow in this region is governed by the northern Tropical Cells (TCs) [e.g., McCreary and Lu,
1994; Molinari et al., 2003; Perez et al., 2014]. The TCs are shallow overturning circulation cells within the
upper 100 m. They are characterized by wind-driven equatorial upwelling, poleward surface Ekman ﬂow,
downwelling at about 3–58N and S, and equatorward geostrophic subsurface ﬂow [e.g., Lu et al., 1998; Moli-
nari et al., 2003; Perez et al., 2014]. Perez et al. [2014] found that velocities are higher in the northern TC than
in the southern TC and that the northern cell is shifted southward crossing the equator. Their results indi-
cate that the poleward surface ﬂow of the TCs at 238W intensiﬁes during December–May while the equator-
ward subsurface ﬂow is strongest during June–November. In 2009, cold subsurface temperature anomalies
developed just north of the equator during boreal spring [Foltz and McPhaden, 2010a]. While Richter et al.
[2013] did not speciﬁcally address equatorial Atlantic cold events, the meridional advection of those cold
subsurface temperature anomalies by the equatorward ﬂow of the northern TC could have contributed to
the anomalous cooling of the ACT in summer 2009 [Perez et al., 2014].
In summary, the mechanisms that led to the abrupt cooling in the EA in boreal summer 2009 are still under
debate. Meridional advection of subsurface temperature anomalies as well as planetary wave reﬂection
may have been important drivers for it [Foltz and McPhaden, 2010a; L€ubbecke and McPhaden, 2012; Richter
Figure 1. Anomalies of TMI SST (shading) and CCMP pseudo wind stress (arrows)
with respect to the climatology mean (1998–2011) for (a) May, (b) June, and (c)
August 2009. The black boxes in Figure 1a mark the two latitude bands used in
Figure 6, the green squares in Figure 1c marked the positions of PIRATA buoys
and the red stars in Figure 1c the positions of TACE moorings.
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et al., 2013; Perez et al., 2014]. This study aims to improve the understanding of the development of the
2009 cold event. Therefore, we analyzed in situ subsurface data for the ﬁrst time in addition to satellite and
reanalysis products to clarify the role of both mechanisms in this cold event.
The paper is organized as follows: The data sets and methods are described in section 2. The results are pre-
sented in section 3, and section 4 contains a discussion and summary of the cold event in the EA in 2009.
2. Data and Methods
For the analysis, satellite data, reanalysis products, and in situ data sets are used.
Altimetric delayed-time SLAs were produced by Ssalto/DUACS (Developing Use of Altimetry for Climate
Studies) and distributed by Archiving, Validation and Interpretation of Satellite Oceanographic Data (AVISO),
with support from CNES (Centre National d0 Etudes Spatiales) (http://www.aviso.altimetry.fr/duacs/). AVISO
SLAs are calculated by subtracting the reference mean ﬁeld for the time period 1993 to 1999 from the
instantaneous SSH ﬁeld [Dibarboure et al., 2011]. In this study, daily SLA data at a spatial resolution of 0:25
30:25 are used for the time period 1993–2012.
Three-day average Remote Sensing Systems Tropical Rainfall Measuring Mission’s (TRMM) Microwave
Imager (TMI) SST data from 1998 to 2014 are used (www.remss.com/missions/tmi). The data set has a spatial
resolution of 0:2530:25.
Pseudo wind stress and wind velocity components are available from the Physical Oceanography Distrib-
uted Active Archive Center (PODAAC) as part of the gridded ﬁve-daily and monthly Cross-Calibrated Multi-
Platform (CCMP) Ocean Surface Wind Components [Atlas et al., 2011]. The data set covers a period from July
1987 to 2011 and has a spatial resolution of 0:2530:25.
Monthly ocean temperature, salinity, and velocity ﬁelds from 1980 to 2014 are produced by NCEP Global
Ocean Data Assimilation System (GODAS) at the National Environmental Prediction Center (NCEP) [Behringer
and Xue, 2004]. Temperature and salinity proﬁles are assimilated in a 3DVAR scheme designed by Derber
and Rosati [1989]. The model has 40 vertical levels and is forced by the momentum ﬂux, heat ﬂux, and fresh
water ﬂux from the NCEP atmospheric reanalysis 2. The horizontal resolution of the GODAS data used here
is 13
 latitude, 1 longitude.
A second reanalysis data set used here is the ECMWF Ocean Reanalysis System 4 (ORA-S4) [Balmaseda et al.,
2013]. Monthly ocean temperature, salinity, and velocity ﬁelds from 1958 to 2014 are available on a resolu-
tion of 18 longitude and latitude, with meridional equatorial reﬁnement to 13
 , and 42 vertical levels. A
3DVAR conﬁguration of NEMOVAR [Daget et al., 2009; Mogensen et al., 2012] is used to assimilate potential
temperature, salinity, sea surface height, and the horizontal components of velocity.
Daily and monthly temperature time series of the Prediction and Research Moored Array in the Atlantic
(PIRATA) are provided by the Tropical Atmosphere Ocean project (TAO) [Servain et al., 1998]. Observation peri-
ods and data gaps of the different buoys are listed in Table 1. The vertical resolution of temperature proﬁles is
20 m for the upper 140 m. There are additional temperature measurements at 180, 300, and 500 m depth.
Current velocity data along a 238W section in the TA are acquired in the frame of the Tropical Atlantic Cli-
mate Experiment (TACE) [Brandt et al., 2014]. The horizontal velocity data were 40 h low-pass ﬁltered and
subsampled to 12 h intervals. By accounting for vertical instrument excursions, the velocity data were
Table 1. Deployment Periods and Temporal Data Gaps of PIRATA Temperature Time Series in the Tropical Atlantic
Longitude Latitude Period Data Gaps
388W 48N Mar 1999 to Sep 2013 Jul 1999 to Mar 2000
358W 08N Feb 1998 to Feb 2014 Mar to Sep 2006
238W 48N Jun 2006 to Feb 2014
238W 08N Mar 1999 to Feb 2014
108W 08N Sep 1997 to Feb 2014 Nov 1997 to Jan 1999; Jan to Oct 2001; Feb to Dec 2002;
Jun 2004 to Jun 2005; Feb to May 2006
08W 08N Feb 1998 to Feb 2014 Jan 1999 to Aug 2000; Feb to Dec 2002; Jun 2004 to
May 2005; Jun 2008; May to Sep 2010
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interpolated on a vertical grid with a resolution of 10 m
(mooring at 08N, 238W) or 5 m (moorings at 60:75 N,
238W). The depth range and data gaps of every mooring
in the year 2009 are listed in Table 2.
Temperature and salinity proﬁles measured by Argo ﬂoats
from 2005 to 2012 are used. Argo is a broad-scale global
array of temperature and salinity proﬁling ﬂoats and is
part of the integrated global observation strategy [The Argo Science Team, 2001]. Data Assembly Centers col-
lect the data of Argo ﬂoats and apply a set of real time quality control tests. Only Argo ﬂoat proﬁles with a
quality ﬂag of 1 (good data) within the TA (108S–108N) are used.
Anomalies of temperature, velocity, and SLA data as well as derived quantities from those data sets are cal-
culated for the year 2009 by subtracting a monthly climatological seasonal cycle from the instantaneous
data ﬁelds. The periods used for the climatological seasonal cycle are 1998–2011 for Tropical Rainfall Meas-
uring Mission’s (TRMM) Microwave Imager (TMI) SST and CCMP pseudo wind stress data, 2005–2012 for
AVISO SLA and Argo Z20 data, 2006–2013 for PIRATA buoys data, and 1980–2014 for GODAS and ORA-S4
reanalysis data.
GODAS and ORA-S4 meridional velocity and temperature ﬁelds are used to calculate the Meridional Tem-
perature Advection (MTA), 2v @T@y , by the prevailing meridional currents, where v is absolute meridional
velocity in m s21, T is the temperature in 8C, and y is latitude in m.
The depth of the 208C-isotherm (Z20) as a measure of thermocline depth is calculated from Argo ﬂoat tem-
perature proﬁles. Monthly mean Z20 maps of Argo data are constructed by linear interpolation of the data
onto a 131 grid using all data points available for a certain month.
Following the approach of Hormann and Brandt [2009], the propagation velocities of SLAs merdionally
averaged within two latitude bands are estimated. The latitude bands are located at 38N–68N and 28S–
28N between 408W and 108E. Reference SLA time series are calculated by averaging SLA between 268W
and 248W in the respective latitude bands. We computed a lagged correlation of the SLA time series
along a latitude band with its respective reference time series. The resulting correlation matrix
depends on the time lag and longitude. We applied a least square ﬁt to the lags of maximum correla-
tion coefﬁcients with respect to longitude. The linear slope of this ﬁt is the wanted propagation
velocity.
To describe the vertical structure of propagating waves in the EA in 2009, we apply an Empirical Orthog-
onal Function (EOF) analysis to isopycnal displacement proﬁles estimated from Argo ﬂoat proﬁles. First,
isopycnal displacement proﬁles are calculated with respect to a mean density proﬁle in the TA in 2009 as
follows: all Argo ﬂoats proﬁles in the TA in 2009 are selected in order to calculate potential density pro-
ﬁles. The proﬁles are then interpolated linearly onto a 5 m vertical resolution grid. To account for the
density differences in the TA between the western and the eastern basin, three mean density proﬁles
are calculated using only proﬁles measured between 408W and 208W, 208W and 08E, and 08E and 108E in
2009, respectively. For every single Argo ﬂoat in the TA in 2009, an isopycnal displacement proﬁle is
then calculated with respect to the appropriate mean density proﬁle. Linear interpolation is used to ﬁnd
the exact displacement. For the EOF analysis, proﬁles within two distinct latitude bands (28S–28N and
38N–68N) between 408W and 108E are selected. For each latitude band, the proﬁles (associated with lati-
tude and time) are arranged as a two-dimensional matrix. The number of the proﬁle is one dimension of
the matrix and depth is the other one. We applied an EOF analysis to those matrices within a depth
range of 20–300 m. The spatial pattern of the EOF analysis gives information about the vertical structure
of the displacement proﬁles and the principle components show how they changed with time and
longitude.
3. Results
First, the role of meridional advection of subsurface temperatures in the EA in boreal summer 2009 is ana-
lyzed. The results regarding the contribution of planetary waves in the 2009 cold event are presented in the
second part of this section.
Table 2. 2009 Depth Ranges and Temporal Data Gaps
of TACE-Mooring Current Velocity Data Along 23W
Latitude Depth in m Data Gaps
0.758N 50–525
08N 35–625
0.758S 75–520 6–12 Nov 2009
Journal of Geophysical Research: Oceans 10.1002/2016JC011719
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3.1. Meridional Advection
Richter et al. [2013] have suggested
that direct meridional advection of
subsurface temperature anomalies
developing in boreal spring at about
4N can cause SST anomalies of the
same sign in the ACT region in the fol-
lowing summer. The temperature
anomalies are advected by the prevail-
ing meridional subsurface currents
that are commonly equatorward. In
2009, cold subsurface (upper 30–
100 m) temperature anomalies are
observed by PIRATA buoys at 48N,
238W during January–June and at 48N,
388W during May–July (Figure 2). The
cold anomalies strengthen at 238W
during March–May and at 388W during
end of June–July. The cooling at 388W
extends down to a depth of 150 m.
Both buoys show positive anomalies
following the negative ones.
Compared to the anomalies along 48N,
the magnitude of the temperature
anomalies along the equator are
weaker (Figures 2c–2e). At 238W, cold
subsurface anomalies are present dur-
ing end of January–mid-December.
Positive temperature anomalies occur
at the equatorial buoys at 108W and
08E during May and April–June, respec-
tively. At 08E, the positive anomalies extend to the surface. The positive anomalies at 108W reach up to the
shallowest measurement depth (30 m).
Subsurface temperature anomalies at 48N can be advected toward the equator by the equatorward subsur-
face ﬂow of the northern TC [Richter et al., 2013]. TACE mooring observations at 238W show southward sub-
surface meridional velocities with values between 3 and 6 cm s21 at 0.758N from February to August 2009
(Figure 3). At the Equator, southward
velocities between 4 and 6 cm s21 can
be observed from March to April 2009
before they change ﬂow direction
every 1–2 months. At 0.758S, velocities
are southward in February–April,
June–August as well as October–
December and they are northward in
January, May, and September.
The observed southward velocities at
the equator and 0.758N as well as the
cold temperature anomalies at 48N
during the ﬁrst half of 2009 suggest
that meridional advection of subsur-
face temperature could have contrib-
uted to the anomalous cooling of SST
along the equator. However, by using
Figure 2. Time series of 2009 subsurface temperature anomalies with respect to
the climatological mean (2006–2013) measured by PIRATA buoys at (a) 48N, 238W,
(b) 48N, 388W, (c) 08N, 238W, (d) 08N, 108W, and (e) 08N, 08E. A 20 day running
mean ﬁlter is applied to the daily data sets.
Figure 3. 2009 monthly means of meridional velocity from TACE mooring obser-
vations averaged (depending on the observational range) between 35 and 100 m
at the equator (dark gray-dashed line), between 50 and 100 m at 0.758N (gray
solid line), and between 75 and 100 m at 0.758S (black solid line).
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the available moored velocity observations, it is not possible to unambiguously determine the strength of
the TCs as the measurements are taken close to the equator in the transition zone between northern and
southern TC.
To elucidate the meridional advection in more detail, we now focus on the quantiﬁcation of the MTA in the
EA in 2009. The available moored temperature and velocity measurements do not allow for a direct calcula-
tion of MTA, hence GODAS and ORA-S4 reanalysis data are used. Both data sets capture the observed SST
and subsurface temperature anomalies in the TA in 2009 (see supporting information Figures S1 and S2).
Richter et al. [2013] analyzed advection terms averaged in the region 208W–08E, 38S–38N, 0–50 m and found
the warming caused by meridional advection during noncanonical warm events to be most pronounced
between 20 to 40 m depth. Their results show an increase in the meridional advection in the upper 50 m
already in May, driving warm SST anomalies in the ACT region in June. For a noncanonical cold event, one
would thus expect a cooling by MTA during May, prior to the occurrence of cold SST anomalies at the equator.
We customized the investigation area to the location where maximum cold temperature anomalies occur in
the EA in 2009 (308W–158W, 38S–38N) and averaged the meridional advection term within different depth
ranges down to 90 m depth, to account for the deeper extent of the TCs in the western Atlantic basin com-
pared to the eastern Atlantic basin [Perez et al., 2014]. While there are differences between the anomalous
MTA in 2009 from GODAS and ORA-S4, both data sets agree in that there is no anomalous cooling but
rather warming by MTA in all depth ranges until May (Figure 4). After the onset of the cold event in June
2009, anomalous negative MTA can be observed in all depth ranges, which results in a strong cooling of the
ACT region. From July onward, the anomalous MTA develops differently in the different depth ranges.
To better understand the MTA in the EA in 2009, we look at the temporal evolution of the temperature and
velocity ﬁelds (Figure 5). In theory, the MTA is inversely proportional to the meridional temperature gradient
(dTdy) and the meridional velocity (v). Considering that the y axis is positive toward the North, cold subsurface
temperatures anomalies at 48N result in a negative dTdy toward the equator. As the prevailing subsurface cur-
rents between 08 and 48N are commonly equatorward, v would be negative. Therefore, the resulting MTA is
also negative and would lead to a cooling at the equator. During boreal spring 2009, cold subsurface tem-
perature anomalies develop in the northern EA (Figures 5a, 5b, 5e, and 5f). Despite these cold temperature
anomalies, the MTA is positive in boreal spring 2009. Until May 2009, the meridional velocities are weak
compared to the following months. North of 28N, poleward velocities reach down to over 100 m depth. The
equatorward ﬂow of the subsurface branch of the northern TC occurs south of 28N. Note that the upper
limb of the northern TC in the GODAS data extends up to 20 m deeper compared to the ORA-S4 data. This
can be one reason for the difference in MTA values between the two data sets (Figure 4). Both the GODAS
and the ORA-S4 meridional velocity ﬁelds indicate a weak northern TC in boreal spring 2009. A weakening
of the TC is consistent with the results of Foltz et al. [2012]. They observed weaker upwelling just south of
the equator due to the interannual
north-westerly wind anomalies from
January to April 2009.
To determine the relative importance
of the meridional velocity and temper-
ature in the anomalous MTA, we have
calculated the contribution of (i) the
meridional advection of the anoma-
lous temperature gradients in 2009 by
the climatological currents, (ii) the
meridional advection of the climato-
logical temperature gradient by the
anomalous meridional velocities in
2009, and (iii) the meridional advection
of anomalous temperature gradient by
the anomalous meridional velocities in
2009 (see supporting information Fig-
ure S3). In case (i), a comparatively
Figure 4. 2009 monthly means of anomalous MTA estimated from GODAS (solid)
and ORA-S4 (dashed) temperature and velocity ﬁelds with respect to the climatol-
ogy (1980–2014) within 308W–158W to 38S–38N for three different depth ranges
(0–30 m in blue, 30–60 m in green, 60–90 m in red). Note that positive values indi-
cate a warming and negative values indicate a cooling by meridional advection.
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weak cooling by meridional advection can already be observed in April in GODAS data and in May in ORA-
S4 data while there is a warming from July on. In case (ii), the monthly evolution of the MTA resembles that of
the anomalous MTA in 2009, indicating that the meridional velocity sets the strength of the MTA. In case (iii),
both data sets show a warming by meridional advection in the subsurface (30–60 m) between April and June.
To summarize, a cooling of the ACT region by MTA cannot be observed until June coinciding with the onset
of the 2009 cold event. Note that the mechanism described by Richter et al. [2013] relies on the advection
of subsurface temperature anomalies at 48N by the mean meridional subsurface currents. The latter are
dominated by the lower limb of the northern TC and are commonly equatorward [e.g., McCreary and Lu,
1994; Molinari et al., 2003; Perez et al., 2014]. However, in May 2009, the lower limb of the TC was too weak
and located too far south to advect the cold subsurface temperature anomalies at 48N toward the ACT
region. Associated with the development of the ACT in June, the meridional velocities strengthened and
extended further north again. Afterward, an advection of the cold subsurface temperature anomalies
toward the equator was possible. This probably enhanced the cooling in the ACT region in boreal summer
2009, but it is unlikely that the abrupt cooling of SSTs along the equator is caused by meridional advection
of subsurface temperatures. We will therefore investigate the second hypothesis, following Foltz and
McPhaden [2010a] that the 2009 cold event was caused by upwelling equatorial waves.
3.2. Wave Reflection
Consistent with Foltz and McPhaden [2010a], indications for upwelling Rossby and reﬂected equatorial
Kelvin waves can be found in the AVISO SLA data for 2009 (Figures 6a and 6b). Within the 38N–68N band
(Figure 6a), negative SLAs develop in boreal spring, intensify in the central basin (23 W) during April and
Figure 5. Latitude-depth section of monthly mean (top) GODAS and (bottom) ORA-S4 temperature anomalies (shading) with respect to the climatological mean (1980–2014) and total
meridional currents (contours; interval 0:02 ms21, black lines indicate northward ﬂow and gray lines southward ﬂow, zero ﬂow is marked by a red solid line) in 2009, averaged from
308W to 158W.
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May, propagate westward and reach the western boundary during June–July. The estimated propagation
velocity of the westward propagating negative anomalies is 0.70 m s21 (see dashed line in Figure 6a). This
value lies between the theoretical propagation speeds of ﬁrst (0.80 m s21) and second (0.46 m s21) bar-
oclinic mode Rossby wave, which is in agreement with the results of Foltz and McPhaden [2010a]. They
described the westward propagating negative SLA as a pack of equatorial Rossby waves, forced by the
north-westerly wind anomalies in the EA in 2009 (Figure 1).
Along the equator, an anomalous increase of SLAs during April and May 2009 (Figure 6b) is associated with
warm SSTs and north-westerly wind anomalies (Figure 1). Eastward propagating negative SLAs develop at
the western boundary from June to July when the pack of wind-induced Rossby waves described above
reaches the western boundary. The negative SLAs signal propagates eastward and arrives at 108W during
June–September. The estimated propagation velocity of 1.36 m s21 (see dashed line in Figure 6b) matches
the one of a second baroclinic mode Kelvin wave (1.40 m s21) [Illig et al., 2004; Hormann and Brandt, 2009].
It is curious that Foltz and McPhaden [2010a] ﬁnd a lower propagation velocity of only 0.8 m s21. This dis-
crepancy is most likely an expression of the high uncertainty that is associated with the estimation of veloc-
ities of propagating signals in observational data.
The magnitude of the negative SLAs along the equator is smaller by a factor of 2 compared to the respec-
tive signals along the 38N–68N band, suggesting a low reﬂection efﬁciency of baroclinic mode waves that
are particularly visible in the SLA data.
Upwelling Rossby and Kelvin waves are not only associated with a depression in sea level but an uplifting
of the thermocline. The depth of the 208C isotherm (Z20) from Argo data is used here as a measure of
Figure 6. Anomalies of (a, b) AVISO SLA and (c, d) gridded Argo Z20 for the year 2009 with respect to the climatological mean (2005–2012), averaged in the latitude bands (a, c) 38N–68N
and (b, d) 18S–18N. The daily SLA data were smoothed by a 20 day running mean ﬁlter. Monthly means of Argo Z 20 data were linearly interpolated onto a 1 horizontal resolution grid.
The black-dashed lines represent estimated propagation velocities of the negative anomalies of (a) 20:70 ms21, (b) 1:36 ms21, (c) 0:43 ms21, and (d) 1:05 ms21.
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thermocline depth. Consistent with the SLAs, negative Z20 anomalies (i.e., shallower than normal) propagate
westward within the 38N–68N band during April–July (Figure 6c). Compared to the propagation velocity of the
negative SLAs (black-dashed line in Figures 6a and 6c), the one of the negative Z20 anomalies appears to be
slower. Maximum negative anomalies in the Z20 data occur earlier in the central Atlantic basin within the 38N–
68N band and arrive later at the western boundary than the maximum negative anomalies in the SLA data.
Along the equator, a shallowing of the thermocline can be observed west of 108W throughout the year
2009 (Figure 6d) despite the fact that strong positive SST anomalies and SLAs are present during April and
May 2009. The anomalously shallow thermocline in the western/central EA coincides with the anomalously
cold subsurface temperatures observed by PIRATA buoys (Figure 2c). East of 108W a deepening of the ther-
mocline is associated with warm subsurface temperature anomalies in the PIRATA data during May (Figures
2d and 2e). They are likely caused by downwelling, eastward propagating equatorial Kelvin waves, that are
forced by the prevailing westerly wind anomalies in the central EA during boreal spring [Foltz and McPha-
den, 2010a; L€ubbecke and McPhaden, 2012].
Maximum negative Z20 anomalies occur in the western basin during June–August. They propagate eastward
and reach 108W during July–September. In contrast to the SLA, the westward propagating negative Z20 anoma-
lies along the 38N–68N band and the eastward propagating ones along the equator have comparable magni-
tudes. The upwelling Kelvin wave signal that is visible in the Z20 data does not propagate further east than
108W, possibly due to the 208C-isotherm being located too shallow and close to the mixed layer in the eastern
EA. An alternative explanation for the observed signal propagation of SLAs and Z20 anomalies may be the super-
position of upwelling reﬂected Kelvin waves and downwelling reﬂected Rossby waves from the eastern bound-
ary caused by wind-forced downwelling Kelvin waves in April and May 2009 [Foltz and McPhaden, 2010a].
The velocities of the westward propagating as well as the eastward propagating negative Z20 anomalies
appear to be slower compared to the SLA data. In order to test whether this might be due to the sparse
temporal and spatial data coverage of the Argo ﬂoats, Z20 data derived from the daily temperature data
measured by PIRATA buoys are used for additional information. The propagation velocity of the maximum
negative Z20 anomaly from the PIRATA buoy at 238W, 48N to the one at 388W, 48N is 0.43 m s
21 (black
dashed line in Figure 6c). The propagation velocity of the maximum negative Z20 anomaly from the PIRATA
buoy at 238W, 08N to the one at 108W, 08N is 1.05 m s21 (black-dashed line in Figures 6a and 6d). Since
these estimates are based on only two point measurements, they are afﬂicted with a high uncertainty. They
do, however, match the peaks of the negative Z20 anomalies derived from Argo very well (Figures 6c and
6d) and thus conﬁrm the slower propagation velocities compared to the SLAs.
The slower propagation velocity of the Z20 signal compared to the SLA signal and the fact that the ampli-
tude of the thermocline anomalies along the equator is much higher than the amplitude of the correspond-
ing sea level anomalies relative to the corresponding amplitudes along the 38N–68N band (Figures 6b and
6d) suggest that dynamics of baroclinic mode three and higher may be important for the development of
the cold SST anomalies in the ACT region. We draw this conclusion because lower baroclinic mode waves
travel faster and would have a stronger signature in SLA compared to higher baroclinic mode waves. Illig
et al. [2004] have already pointed out the importance of higher baroclinic modes for SLA variability in the
EA and the necessity to regard the variability in the vertical structure. Here, an EOF analysis is applied to iso-
pycnal displacement proﬁles estimated from Argo ﬂoats to investigate the vertical structure of the observed
propagating signals in the EA in 2009.
The EOF analysis is applied to isopycnal displacement proﬁles in two separate latitude bands (28S–28N and
38N–68N) between 408W and 108E. As mentioned in the methods section the EOF spatial pattern gives infor-
mation about the vertical structure of the displacement proﬁles and the EOF principle components show
how they changed with time and longitude (Figure 7). The vertical structure functions of the ﬁrst EOF for
both regions have their maximum within the thermocline. The explained variance of the ﬁrst EOF is 52% in
the northern region and 38% along the equator. Regarding the amplitudes of the ﬁrst EOF at 38N–68N, a
westward propagating signal with maximum negative amplitude can be found west of 208W, reaching the
western boundary between May and July. At 28S–28N, a negative signal propagates eastward from the west-
ern boundary as far as 58E between May and September. This is in good agreement with the previous
results, even though the eastward propagating signal is reaching further east in the EOF analysis of isopyc-
nal displacements (Figure 7) than in the SLA and Z20 data (Figure 6).
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We now compare the vertical structure functions from the EOF analysis in both regions with those from a
vertical mode decomposition. In general, the EOF vertical structure functions ﬁt well to the vertical structure
function of the third baroclinic mode, but they differ in one important characteristic. The vertical structure
function of the 38N–68N region has no zero crossing in the upper 300 m, while the one of the equatorial
region does have one at 150 m. In general, the higher the order of the baroclinic mode the shallower is the
ﬁrst zero crossing. Only the vertical structure functions of baroclinic mode one and two have no zero cross-
ing within the upper 300 m. This suggests that the northern region is dominated by those two modes. The
vertical structure function of baroclinic mode three has a zero crossing at 230 m, which is still deeper than
the zero crossing of the vertical structure function in the equatorial region. This suggests that the equatorial
region is inﬂuence by waves of baroclinic mode three and higher.
To further support this suggestion, we calculate the sea level displacement, that results from the
observed vertical structure of isopycnal displacement. We integrate the ratio DqðzÞq0ðzÞ over the depth z (20–
300 m), where q0 is the mean density proﬁle, Dq is the difference between the displaced density proﬁle
and q0. The maximum observed displacement in the northern latitude band, which is mainly associated
with baroclinic mode 1–3 waves, results in a negative SLA of 0.18 m. The maximum observed displace-
ment in the equatorial latitude band, which is mainly associated with waves of baroclinic mode three and
higher, is 0.08 m. Although the vertical structure functions of both regions show a displacement of the
thermocline of comparable magnitude, the resulting displacement of the sea surface differs notably. The
observed values ﬁt well with the maximum values of negative SLA in the AVISO data (Figure 6) supporting
the hypothesis that also waves of baroclinic mode three and higher contribute to the cooling event in the
ACT region in 2009.
Our analysis thus corroborates the results of Foltz and McPhaden [2010a] that the propagation of Rossby
and Kelvin waves played an important role in the development of the 2009 cold event and in addition sug-
gests that waves of baroclinic mode three and higher were involved.
Figure 7. EOF analysis of density displacement proﬁles estimated from Argo ﬂoats proﬁles in the EA in 2009. (a) The black solid line shows
the vertical structure function of the ﬁrst EOF (explained variance is 38%) derived from density displacement proﬁles within the latitude
band 28S to 28N between 408W and 108E. The proﬁles are normalized by their standard deviation. The gray solid line shows the normalized
vertical structure function of the ﬁrst EOF (explained variance is 52%) derived from density displacement proﬁles within the latitude band
38N–68N between 408W and 108E. The black-dashed line indicates the normalized vertical structure function of baroclinic mode three esti-
mated from CTD proﬁles. The gray-shaded area marks the mean depth of the 20C-isotherm6 its ﬁrst standard deviation within the region
28S–68N, 408W–108E in 2009. Also shown are the amplitudes of the ﬁrst EOF within (b) the northern and (c) the equatorial latitude band.
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4. Summary and Discussion
In 2009, a strong negative AMM event associated with north-westerly wind anomalies along the equator
peaking in May was followed by a strong cold eastern equatorial Atlantic event that was most pronounced
in August. The temperature drop from May to August 2009 and the ATL3 SSTs in August 2009 are the
strongest and coldest on record, respectively [Foltz and McPhaden, 2010a; Brandt et al., 2014].
In the literature, two mechanisms have been discussed that provide possible explanations for the observed
cold event in the TA in 2009. Foltz and McPhaden [2010a] suggested that upwelling equatorial Kelvin waves
that were generated by the reﬂection of Rossby waves caused the cold event in 2009. Richter et al. [2013]
on the other hand did not ﬁnd that planetary waves are a main driver in the development of noncanonical
warm events. They proposed instead that direct meridional advection can trigger noncanonical events as
the one in the EA in 2009.
The results of this study suggest that a cooling by meridional advection took place during June and July
but the analysis indicates that this mechanism is not of major importance for the onset of the 2009 cold
event. On the other hand, the results conﬁrm previous ﬁndings by Foltz and McPhaden [2010a] that plane-
tary wave reﬂection processes causes the strong cooling in the EA in 2009.
Richter et al. [2013] and Perez et al. [2014] suggested that anomalous meridional advection of subsurface
temperature anomalies can drive the development of the anomalous ACT events. Although strong negative
subsurface temperature anomalies occur in the EA from February to May 2009 reaching as far south as 78S,
a cooling of the upper 90 m by meridional advection cannot be observed until June when the equatorward
subsurface ﬂow of the TCs is strengthening due to its seasonal cycle [Perez et al., 2014]. During boreal spring
2009, the usually equatorward subsurface meridional currents just north of the equator are weak or even
slightly poleward in the region of maximum temperature anomalies. This is associated with the prevailing
north-westerly wind anomalies that tend to weaken the northern TC which dominates the meridional ﬂow
pattern in the EA [Molinari et al., 2003; Perez et al., 2014]. A weakening of the TC in the ﬁrst half of 2009 is
also consistent with the results of Foltz et al. [2012]. They observed weaker than normal upwelling in the
divergence zone of the TCs just south of the equator.
The results of this study thus suggest that meridional advection is of different importance for the onset of
noncanonical warm and noncanonical cold events. During a noncanonical warm event, a positive AMM
event develops in boreal spring [Richter et al., 2013]. The negative wind stress curl that is associated with a
positive AMM event drives downwelling just north of the equator [Foltz and McPhaden, 2010b; L€ubbecke
and McPhaden, 2012; Richter et al., 2013] which leads to the development of warm subsurface temperature
anomalies there. Stronger south-easterly winds on the equator in the western to central equatorial Atlantic
act to strengthen the northern TC. The strengthened lower limb of the northern TC in turn advects the
warm subsurface temperature anomalies toward the equator and warm the ACT region in boreal summer
[Richter et al., 2013]. In contrast, associated with a negative AMM event during a noncanonical cold event, a
positive wind stress curl anomaly during boreal spring leads to anomalous upwelling just north of the equa-
tor [Foltz et al., 2012]. As shown here, the northern TC weakens or even reverses the ﬂow pattern associated
with the north-westerly wind anomaly in the western to central equatorial Atlantic. Hence, there is no signif-
icant meridional advection of subsurface temperature that can drive an anomalous cooling of the ACT
region in boreal summer. This asymmetry in the contribution of meridional advection to noncanonical
warm and cold events may also explain why Richter et al. [2013] found more noncanonical warm than cold
events.
Consistent with Foltz and McPhaden [2010a], signals of upwelling westward propagating Rossby waves and
reﬂected eastward propagating equatorial Kelvin waves are observed in AVISO SLA and Z20 data derived
from Argo ﬂoat data. Analyzing in situ subsurface data by the means of vertical structure functions derived
from an EOF analysis, we could show that the structure function ﬁt well with that of a third baroclinic mode
and that the main signal is propagating along the thermocline. Additionally, the vertical structure function
associated with the Rossby waves appears to be inﬂuenced by baroclinic waves mode one and two. On the
other hand, the vertical structure function associated with the Kelvin waves appears to be dominated by
baroclinic mode waves even higher than mode three. Illig et al. [2004] investigated the contribution of long
equatorial waves to the TA SLA variability and emphasized the importance of higher baroclinic mode waves.
While the second baroclinic mode dominates, they found that the summed-up contribution of the fourth to
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the sixth baroclinic mode to the TA SLA variability is as strong as the contribution of the two gravest modes.
In this study, the propagation velocities of the forced Rossby and reﬂected Kelvin waves in the Z20 data are
estimated to be smaller compared to that of the forced Rossby and reﬂected Kelvin waves in the SLA data.
This supports our suggestion that higher baroclinic modes contributes to the variability in the vertical den-
sity and temperature structure at the equator. It has to be mentioned that the velocity estimates of the
propagation signals in the observational data are afﬂicted with a high uncertainty. Regarding the amplitude,
we observed a difference between the SLA and Z20 anomalies associated with the reﬂected Kelvin wave sig-
nal. Consistent with Foltz and McPhaden [2010a], the reﬂected equatorial Kelvin wave signal in the SLA data
is small compared to the Rossby wave signal just north of the equator. In the Z20 data however, the forced
Rossby and reﬂected Kelvin wave signals are of comparable magnitude. In combination with the results
from the EOF analysis, this may suggest a weak reﬂection efﬁciency of low baroclinic mode waves and a rel-
ative enhancement of reﬂected higher baroclinic mode waves. In general, the SLAs associated with higher
baroclinic mode waves are small compared to SLAs associated with low baroclinic mode waves, as shown
here by estimating the SLAs which result from the vertical displacement proﬁles of the EOF analysis.
In summary, our results suggest that the 2009 cold event in the central EA basin developed as follows: in
boreal spring 2009, the north-westerly wind anomalies in the EA drove anomalous upwelling between the
equator and 68N, west of 208W [Foltz et al., 2012], and an anomalously weak EUC [Brandt et al., 2014; Johns
et al., ]. Associated with the anomalous upwelling are cold subsurface temperature anomalies and an anom-
alous shoaling of the thermocline. This signal propagates westward north of the equator as Rossby waves
and is partly reﬂected into equatorial Kelvin waves. In June 2009, the upwelling equatorial Kelvin waves
arrive in the central EA basin and lead to an abrupt cooling of SST deﬁning the onset of the ACT while the
EUC stayed weak until July [Brandt et al., 2014]. Note, that subsurface temperature anomalies along the
equator existed already since February, which favors the abrupt cooling of SST by upwelling equatorial
waves. The cooling in June is enhanced by meridional advection of subsurface temperatures between 308W
and 158W, thereby contributing to the development of the extreme cold SSTs in the eastern EA in August
2009.
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